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ABSTRACT

The decelerating effect of enhanced upper tropospheric wavedriving (D7) in winter and early spring induces
a “reverse” component of the residual mean meridional circulation in the polar lower stratosphere opposite to
that induced by radiative cooling. The cooling, in turn, is maintained by the decelerating effect of stratospheric
Dr. If the upper-tropospheric wavedriving is increased, and the stratospheric wavedriving is sufficiently reduced,
the change in the mean circulation will include upwelling in the polar lower stratosphere. Analytic and numerically
derived properties of this generalized residual mean “body force™ circulation are discussed.

1. Introduction

Interest in the dynamical meteorology of the polar
lower stratosphere has heightened with the recently
discovered interannual decline of spring seasonal min-
ima in Antarctic total ozone (Farman et al., 1985;
Bowman, 1986; Chubachi and Kajiwara, 1986; Gar-
diner and Shanklin, 1986; Bojkov, 1986; Komhyr et
al., 1986). Correlation of total ozone with lower strato-
spheric temperatures has been reported on several time
scales, including seasonal and interannual (Sekiguchi,
1986; Newman and Schoeberi, 1986; Schoeberl et al.,
1986; Chubachi, 1986; Angell, 1986). Further, Stolarski
and Schoeberl (1986) noted that the integrated total
ozone south of 44°S does not undergo a seasonal de-
cline towards spring, due to a compensating buildup
in midlatitudes (although a midlatitude interannual
decline was evident in their data). In view of the ozone-
temperature correlation it is not surprising that in ad-
dition to chemical and aerosol-related theories of Ant-
arctic ozone depletion (Solomon, 1987; Hofmann et
al., 1987; and refs.), dynamical explanations involving
a reversed mean meridional circulation have been ad-
vanced (Tung et al., 1986; Tung, 1986; Mahlman and
Fels, 1986).

Interpretation of the ozone trends is complicated by
the extreme meteorological conditions prevalent in the
Antarctic lower stratosphere during winter and early
spring. Compared to the northern winter polar strato-
sphere the Antarctic mean temperatures are climato-
logically 10-20 K colder (dropping below 190 K), the
interhemispheric difference being the greatest as the
spring equinox is approached due to the delayed final
warming of the Southern Hemisphere (Gelier et al.,
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1984; Mechoso et al., 1985). Formation of polar
stratospheric clouds has been attributed to these cold
temperatures (e.g., Stanford, 1973, 1977, Stanford and
Davis, 1974; McCormick and Trepte, 1986; Hamill et
al., 1986). Also, the southern circumpolar vortex is less
disturbed by planetary waves (Leovy and Webster,
1976; Hartmann, 1976; Labitzke, 1981; Barnett and
Corney, 1985b). In contrast, winter tropospheric wave
activity exists at a comparable level in both hemispheres
(Mechoso et al., 1985; Shiotani and Gille, 1987; cp.
Edmon et al., 1980; Geller et al., 1984; Baldwin et al.,
1985).

Because of these extreme conditions it is uncertain
what fraction of the Antarctic ozone depletion is dy-
pamical or chemical in origin; the proposed dynamical
and chemical theories are, in any case, interdependent.
However, there is a dynamical mechanism important
to the polar lower stratosphere of both hemispheres '
originating in the upper troposphere, which is relevant
to the ozone problem, has not been discussed in the
literature, and is relatively insensitive to the dynamics
and composition of the stratosphere. First discussed in
its general context by Eliassen (1951), the mechanism
involves a “body force™ circulation. (The quote marks
are appropriate because we are discussing the source
term in the zonal momentum equation of the trans-
formed Eulerian mean system. In practice, a vertical
divergence or convergence of meridional heat flux may
be essential to this source term.) It may be explained
in simplest terms as follows. The Eliassen-Palm flux
convergence prevalent in the upper troposphere of
winter and early spring drives a residual mean merid-
ional wind component (v*) towards the pole (Edmon
etal., 1980). The average magnitude of this decelerating
force per unit mass is 6-8 m s~!/day, in a broad but
shallow band at 9 km (300-400 mb), maximizing be-
tween 50° and 75° latitude (Mechoso et al., 1985;
Shiotani and Gille, 1987). [Somewhat higher values of
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upper-tropospheric Dr were attained in the GFDL
“SKYHI” model (Andrews et al., 1983; Miyahara et

al., 1986).] The required Coriolis torque for a balance

is achieved with * ~ 0.6 m s™'. In polar latitudes, the
residual vertical velocity difference corresponding to a
meridional inflow of this magnitude, one scale height
deep, decaying between 60° and the pole, is then Aw*
~ (.14 cm s~!. The partition between upward and
downward flow depends on several factors including
the frequency and latitudinal structure of the forcing,
mechanical and thermal damping rates, and static sta-
bility (Dunkerton, 1988). The calculations reported
later in this paper indicate that a typical value of the
upward component above 12 km is w* ~ 0.05cms™".

In the northern polar lower stratosphere of winter
and early spring, a residual vertical velocity of this
magnitude would normally be opposed and overshad-
owed by radiative cooling. Horizontal constituent
transport would also be affected by planetary wave-
induced mixing on isentropic surfaces (Tung, 1982;
Leovy et al., 1985). Considering the diabatic circulation
per se we note from Dopplick (1979) that the total
radiative cooling rate in the northern polar lower
stratosphere of winter and spring is in the range 0.3-
1.0 K day™!, while the value in the southern polar lower
stratosphere, six months later, is considerably lower:
about 0.1-0.5 K day™'. These numbers (including the
sign of the latter) are uncertain on account of strato-
spheric composition and other factors; they do, how-
ever, suggest a closer approach of southern polar tem-
peratures to radiative equilibrium, as expected.

In the northern winter stratosphere there is signifi-
cant interannual variability closely tied to variations
in planetary wave momentum and heat transport (La-
bitzke, 1981; Smith, 1983; Geller et al., 1984). The
integrated effect of the planetary waves is to decelerate
the middle atmosphere flow, maintaining the polar
stratospheric temperatures well above radiative equi-
librium. It has been frequently pointed out (e.g., Mahi-
man et al., 1984) that the radiative cooling of the winter
stratosphere responsible for the downward residual
circulation of Dunkerton (1978) owes its existence to
the decelerating effect of stratospheric planetary waves.
This prompts the question as to how the circulation
would respond if the stratospheric (tropospheric)
wavedriving D were significantly reduced (increased).
The answer is apparently that the polar lower strato-
sphere would first approach radiative equilibrium, and
then be driven to slightly colder temperatures by the
upper-tropospheri¢ Dr. This would result in local up-
welling and positive total radiative heating. Although
it may not be realistic carried to this extreme, this ex-
ample illustrates how a change in wavedriving can in-
duce a “reverse” mean meridional circulation is there-
fore a consequence of enhanced upper-tropospheric
wavedriving, coupled with significantly reduced
stratospheric planetary wavedriving.

- There are three observations that suggest a possible
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explanation of the seasonal and interannual declines
in temperature and column ozone in the Antarctic
lower stratosphere. First, according to Fig. 5 of Me-
choso et al. (1985), the region of maximum upper-
tropospheric wavedriving (convergent D) drifts pole-
ward between June and September (based on 1979-
82 data). For example, near 60°S the monthly mean
values are 4-6 m s™!/day in June, increasing slightly
to 6-8 m s™!/day in September. Stratospheric wave-
driving also increases slightly during this time, but is
confined above about 30 km. (Monthly mean D much
larger than 2 m s~!/day, commonly observed in the
northern winter between 15 and 30 km, are apparently
nonexistent in the southern lower stratosphere, where
Dy seldom exceeds this value in this altitude range.)
Second, upper-tropospheric monthly mean D for
September has grown perhaps 10%-20% larger in
1983-85, according to Eliassen-Palm cross sections
provided by C. R. Mechoso (personal communication,
1987). It was noted by W. J. Randel (personal com-
munication, 1987) that zonal wavenumbers 3-8 were
responsible for this increase. Third, with the exception
of 1982 there has been a fairly steady decline in the
September monthly mean vertical EP flux entering the
stratosphere at 100 mb (Nagatani and Miller, 1987).
Consistent with this, Mechoso’s cross sections indicate
that the upper-stratospheric wavedriving in September
1985 was generally weaker than in any previous year
since 1979,

This investigation was motivated by the considera-
tion that, irrespective of any seasonal or interannual
trend, upper-tropospheric wavedriving can, in some
cases, have a quantitatively significant far-field effect
in the polar lower stratosphere. Accordingly, the pur-
pose of this paper is to discuss theoretically the body
force problem posed by Eliassen (1951) and its appli-
cation to “generic” upper-tropospheric wavedriving
seen in the observed climatologies. Section 2 will briefly
review the interhemispheric differences in the winter
and early spring circulation, followed by a derivation
of the elliptic equation governing the residual mean
meridional streamfunction (section 3), discussion of
its analytic solution properties in negligible shear (sec-
tion 4), and a numerical solution using the observed
August winds under the assumption of radiative equi-
librium (section 5). The effect of diabatic heating is
discussed in section 6. _

The “partial solution” approach adopted here, made
possible by the linear nature of the streamfunction
equation under a geostrophic assumption, is comple-
mentary to most recent discussions of the residual cir-
culation which calculate a “diagnostic’ circulation di-
rectly from the thermodynamic equation, the observed
temperature tendency, and a radiative code. This latter
method gives an indirect estimate of the body force, if
the mean flow tendency and shear are known. How
well the results of the two approaches agree depends
on the accuracy of observed Dr and calculated radiative
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heating, and will determine, in the final analysis, how stratosphere translates .intq a difference in gradi(:nt
well we understand the dynamical and thermody- winds, shown'in Fig. 1. This figure was created using
namical problems posed by the observations. the geopotential data of Barnett and Corney (1985a),
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FiG. 1. Climatological gradient wind distribution for February~April (left) and August-October (right) calculated from geopotential data
in Barnett and Corney (1985a) (see text). Vertical axis is in pressure scale heights, and the orientation of frames on the right has been
reversed for easy comparison to those on the left. Contour interval is 10 m s7!, and easterly (negative) values are shaded. Lineat interpolation
was used between 80° and the pole, and between 10°N and 10°S. ’
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where # is zonal mean wind, f is the Coriolis parameter,
0 is latitude, ¢ is zonal mean geopotential, and a is the
radius of the earth. Values of gradient wind between
80° and the pole, and between 10°N and 10°S, were
obtained by linear interpolation. The wind data were
subsequently smoothed with a Fourier sine series in
colatitude, truncated to 18 terms. In the figure, the
vertical axis is labeled in pressure scale heights (about
7 km per scale height). Frames on the right-hand side
were reversed in orientation for easy comparison to
those on the left. The most striking difference is found
in the polar lower stratosphere: the southern jet is much
stronger, exceeding 70 m s}, in a region where cor-
responding speeds in the northern jet are only 20-30

~1. Note also that the effect of the gradient, as op-
posed to geostrophic, wind approximation has reduced
the southern jet maximum from 90 m s~ (Barnett and
Corney’s August geostrophic wind maximum at 70°S)
to just above 70 m s™!. The maximum gradient winds
agree somewhat better with the observed rocketsonde
winds of Koshelkov (1985).

The northern and southern winter mean flows have
similarities and differences in their potential vorticity
. gradient (not shown). Both have a region -of reversed
gradient in the winter tropical stratopause region, and
another reversal on the poleward flank of the upper-
level jet (Dunkerton and Delisi, 1985). The inter-
hemispheric difference is more pronounced in the lower
stratosphere, as expected. The southern polar night jet
has a slightly negative potential vorticity gradient near
40°S, in agreement with Hartmann (1983). Insofar as
this is true of the climatological average, individual
daily or weekly mean distributions could be signifi-
cantly negative in this region.

The importance of this reversed gradient region for
stratospheric planetary waves is unclear, however.
Theoretically, unstable barotropic normal modes are
possible (Hartmann, 1983; Dunkerton, 1987). How-
ever, Mechoso and Hartmann (1982) also suggested
that the traveling planetary waves of the southern win-
ter stratosphere may be attributable to the “Green
mode” of baroclinic instability (Geisler and Garcia,
1977, Straus, 1981; Zhang and Sasamori, 1985). For
the purposes of a mean meridional circulation, the
Eliassen-Palm cross sections of Mechoso et al. (1985)
and Shiotani and Gille (1987) do not suggest any strong
positive wavedriving in the stratosphere in the region
of reversed potential vorticity gradient, at least not in
* a monthly or climatologically averaged sense. Instead,
there is a prominent region of decelerating Dr in the
upper troposphere.

As shown in section 5, the effect of these inter-
hemispheric differences on an induced mean meridi-
onal circulation (glven the same distribution of body
forces or heating) is primarily through a change in ab-
solute vorticity (which is higher poleward of the south-
ern jet) and static stability (which is lower beneath the
region of extreme cold temperature in the Antarctic
lower stratosphere).
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3. Residual mean meridional streamfunction

The transformed Eulerian mean equations for the
zonally averaged flow (Andrews and Mclntyre, 1976,
1978; Boyd, 1976), written in log-pressure coordinates
(Holton, 1975) are

i, + 1’)*( 1062_ U cos — f) + w*u, = D (3.1a)
f + t““‘6+<7>y=0 (3.1b)

bu+ T*,, + W2+ ¢)=0* (3.1¢)
19 (&* cosb) + i—— (poﬁ?“) 0 (3.1d)

cosf dy

where v* and w* are meridional and vertical residual
mean velocity, N2 is the buoyancy frequency squared,
po 1s basic state density p; exp(—z/H), and the gradient
wind approximation has been made in (3.1b). The
“body force” per unit mass is the Eliassen-Palm flux
divergence factor

V-F
D= 3.2
F po cosf .( 2)

where F is the Eliassen-Palm flux (Dunkerton et al.,
1981). The diabatic heating term is

% _A_ 1 j v'e} ¢zy
() ) 200 wel, + TN (3.2b)
where Q is the Eulerian mean diabatic heating.

A result analogous to Eq. (5.7) of Holton (1975) is
obtained by eliminating the time tendency from these
equations, after making the geostrophic approximation
in (3.1b) and defining a residual mean meridional
streamfunction

d 1

- — 0%k — Pk
( Py H)X D* cosf (3.3a)
Yk
T _ 5% cost (3.3b)
dy
leading to
1 9 _ J 1)\x*
f( cost dy " cose)(az H> dz
_(. a3 l\ox*
+fuz( 9z ) dy
(1 ox*
2 —_—
+ (N? + ¢,,) cosb (cos 7 ay)
- aQ*
+ 02Qi,v*/a) = cosb| f —£4 9 (3.9

Equation (3.4) is elliptic provided that the Richard-
son number is larger than the ratio of planetary to ab-
solute vorticity (Holton, 1975); the flow is assumed to
be centrifugally and statically stable. This is a diagnostic
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equation in the sense that, given the distribution of
body forces and heating, the mean meridional circu-
lation is calculable from (3.4) together with the bound-
ary conditions on X* at the edge of the domain. The
flow, however, is not steady except for spec1al combi-
nations of Dy and Q*. Equation (3.4) is also a linear
equation, allowing a partial solution to be obtalned for
each component of Dy and O*.

4. Analytic solution in negligible shear

Analytic or simple numerical methods may be used
to solve (3.4) when terms involving « are neglected and
|¢,2) < N?% This problem was studied in various ways
by Eliassen (1951), Leovy (1964), Matsuno and Naka-
mura (1979), Plumb (1982), Garcia (1987) and Dunk-
erton (1988). It is convenient to define

u = sinf (4.1a)
du = cosfdf (4.1b)
f=2Qu 4.1¢)
Z = z/H (4.1d)
NH\?
= (2—@) 4.2)
_ HDg
F= 20, (4.32)
H2Q"*
Q= 102 (4.3b)
so that (dropping the overbar and asterisk)
9 ax 1 — u? 3
\oZ 3Z u? ot
Vi— 2 .2
SRLA Rl 2L Sl L P

g 0Z pt B

The dependent variable X, and forcing terms F, Q, may
be expanded as

X XA Z)
Fl=3 |FZuNt— @ | nu) @45)
0 D3
where
y(a) = 1‘1"”2 na) (4.62)
nxl)=0 (4.6b)

The expansion of F in (4.5) requires that (Plumb, 1982)
lin(1) F, Z) = Ow) 4.7
>

which is also a requirement for linear steady state so-

lutions at the equator (cf. 3. la) It is easily shown from
(4.6a, b) that
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(4.8a)

wmen [ 2

so that if ¢, # €, 7, and 7, are orthogonal. Also,

' 1
€ ' = —f
-1
The vertical structure equation obtained by inserting
the series (4.5) into (4.4) is
X, — X, + Re, X, = Fj, + €,0, 4.9)

(Leovy, 1964; Matsuno and Nakamura, 1979; Plumb,
1982). Solutions of the homogeneous problem (rhs of
4.9 set to zero) have an inverse decay scale A\, such that

X, oC €XpA,Z (4.10a)
1 )2
Ap=so [Rle,,l + Z] ,

(Plumb, 1982).
The homogeneous problem is relevant to localized

2 nnnmdﬂ 0

1
I f 2 (nn)dp / f_l(n’n)zdn <0. (4.8b)

(4.10b)

.forcings (Eliassen, 1951; Matsuno and Nakamura,

1979). For instance, if

F,=6z-z) (4.11a)
0,=0, (4.11b)
define .
&n = Xn 4.12)
so that
2n — &+ Re,g, = 8(z — z,). (4.13)

The solution is obtained by matching two homoge-
neous solutions at z = z,. The meridional velocity is
singular at this level, with a return flow above and below
(see Matsuno and Nakamura, 1979, for remaining de-
tails of their beta-plane case). The point source problem
of Eliassen (1951) is more straightforward: set tanf ~ 1

in (4.4), neglect terms like 1/H, and define Y = pR™'/2,
so that
oF
+ == .14
Xzz + Xyy = oz - 4.14)
The solution is
X(x) = ff G(x —x )é—)i(x )ax' (4.15a)
where G is the Green’s function
1
G(x — x)=—In|x — ¥| (4.15b)
27

Integrating (4.15a) by parts, and setting F = é(x — Xg),

a
=— -~ Xp). 4.1
X(x) = o~ G(x — Xo) (4.16)
If the delta function is smeared slightly about the point
Xo, the circulation shown schematically in Fig. 2a is
obtained. The Coriolis torque opposes the point’source
at that level (analogous to Lenz’ law) but has the same






